Fractures generated by internal fluid pressure, for example, dykes, mineral veins, many joints and man-made hydraulic fractures, are referred to as hydrofractures. Together with shear fractures, they contribute significantly to the permeability of fluid reservoirs such as those of petroleum, geothermal water, and groundwater. Analytical and numerical models show that-in homogeneous host rocks-any significant overpressure in hydrofractures theoretically generates very high crack tip tensile stresses. Consequently, overpressured hydrofractures should propagate and help to form interconnected fracture systems that would then contribute to the permeability of fluid reservoirs. Field observations, however, show that in heterogeneous and anisotropic, e.g., layered, rocks many hydrofractures become arrested or offset at layer contacts and do not form vertically interconnected networks. The most important factors that contribute to hydrofracture arrest are discontinuities (including contacts), stiffness changes between layers, and stress barriers, where the local stress field is unfavorable to hydrofracture propagation. A necessary condition for a hydrofracture to propagate to the surface is that the stress field along its potential path is everywhere favorable to extension-fracture formation so that the probability of hydrofracture arrest is minimized. Mechanical layering and the resulting heterogeneous stress field largely control whether evolving hydrofractures become confined to single layers (stratabound fractures) or not (non-stratabound fractures) and, therefore, if a vertically interconnected fracture system forms. Non-stratabound hydrofractures may propagate through many layers and generate interconnected fracture systems. Such systems commonly reach the percolation threshold and largely control the overall permeability of the fluid reservoirs within which they develop.
INTRODUCTION
A hydrofracture is a fracture partly or wholly generated by internal fluid pressure. The term "hydrofracture" is well-established for fluid-driven rock fractures, including mineral veins and (igneous and clastic) dykes, as well as many joints (e.g., Davis, 1983; Rummel, 1987; Sleep and Fujita, 1997; Rijsdijk et al., 1999; Bons, 2001; Gudmundsson, 2011a; Gundersen et al., 2011; Bons et al., 2012) . Hydraulic fractures that is, man-made fractures generated by fluid overpressure and injected into reservoir rocks to increase their permeabilities (e.g., Hubbert and Willis, 1957; Charlez, 1997; Yew, 1997; Mahrer, 1999; Economides and Nolte, 2000) , are also considered hydrofractures.
Even if the fluid properties of oil, water, and magma (particularly their densities and viscosities) are quite different, the basic physical principles are the same for all kinds of hydrofractures (cf. Mandl, 2005) . In many hydrofractures, for example those generated by gas, oil, or groundwater pressure or manmade hydraulic fractures, the fluid may disappear (diffuse or flow out) after the fracture has formed. This is presumed to be the case for the formation of many joints, as initially suggested by Secor (1965) . Other hydrofractures, including dykes and mineral veins are driven open by fluids that solidify or precipitate in the fracture once it has formed. In the latter case the fracture tips, and the mechanisms of fracture emplacement, can be more easily studied. Studies of their cross-cutting relationships (where the relative displacements of fractures cut by later fractures are considered) indicate that most paleohydrofractures are extension fractures (e.g., Gudmundsson et al., 2002) . Since outcrop-scale absolute tension cannot occur at depths greater than a few hundred meters (Twiss and Moores, 2006) , most extension fractures, in turn, could only be formed as hydrofractures.
Hydrofracture paths are major conduits for fluid transport in the crust. Therefore, the conditions of hydrofracture emplacement are of vital importance in fields such as gas, petroleum, and geothermal exploration, waste studies, seismology, volcanology, hydrogeology, and CO 2 -sequestration (e.g., Bonafede and Danesi, 1997; Ingebritsen and Sanford, 1998; Hardebeck and Hauksson, 1999; Dahm, 2000; Economides and Nolte, 2000; Cobbing and O'Dochartaigh, 2007; Chiaramonte et al., 2008) . In fact, the formation of hydrofractures is one of the main mechanisms for the generation and maintenance of permeability, particularly in fluid-filled heterogeneous reservoirs such as those associated with petroleum, groundwater, volcanic, and geothermal fields. Although the dynamics of fluid accumulation and transport in fractured reservoirs are topics of great current interest (e.g., Coward et al., 1998; Rossmanith, 1998; Faybishenko et al., 2000; Kümpel, 2003; Lonergan et al., 2007; van Golf-Racht, 2009; Bourbiaux, 2010; Spence et al., 2013) , the formation of hydrofractures and their potential effects on permeability have received less attention than they deserve.
When a reservoir consists of numerous layers, stratabound hydrofractures contribute little if anything to its overall vertical permeability. For such a reservoir, the permeability is necessarily dominated by fractures that propagate through many layers that is, non-stratabound fractures. In volcanic hazard studies the propagation of magma-driven fractures (dykes) outside, rather than inside, the reservoirs is of importance. Composite volcanoes are layered, and the layers often have contrasting mechanical properties (Gudmundsson, 2006) . Some of these layers develop local stresses which are unfavorable to dyke propagation. Consequently, most dykes become arrested and never reach the surface to feed volcanic eruptions (Stewart et al., 2003; Gudmundsson and Brenner, 2005; Gudmundsson, 2006; Martí and Geyer, 2009 ).
Growth of a hydrofracture depends on its fluid pressure as well as on the mechanical properties of the host rock. Many models of hydrofracture propagation assume the mechanical properties of the host rock to be homogeneous and isotropic (Spence and Turcotte, 1985; Lister and Kerr, 1991; Rubin, 1995; Flekkoy et al., 2002; Al-Busaidi et al., 2005) . These assumptions make the problem mathematically tractable, and the resulting analytical models highlight the basic physics involved in hydrofracture development. These models are, however, of limited applicability to fluid reservoirs composed of heterogeneous and anisotropic rocks. In reservoirs, heterogeneities range in sizes from grains to entire basins. But for the propagation of hydrofractures perhaps the most important heterogeneity in reservoirs is mechanical layering (Economides and Nolte, 2000) .
In this paper we explore the effects of mechanical layering in fluid reservoirs on the emplacement of hydrofractures and thus their ability to transport fluids. First, we review models of fractures in reservoirs and fluid transport in fractured rocks and faults. Second, we review analytical and numerical models on the initiation and propagation of hydrofractures. In particular, we present models on fluid overpressures of hydrofractures, and crack-tip tensile stresses. Third, we discuss mechanical layering in reservoirs and its effects on hydrofracture emplacement. We present field examples of hydrofractures affected by mechanical layering and compare with numerical models.
RESERVOIR FRACTURES AND FLUID TRANSPORT MODELS OF RESERVOIR FRACTURES
Fractures control the permeability of many reservoirs and the relation between fracturing and fluid flow is currently a topic of extensive research (e.g., Vigneresse, 2001; Berkowitz, 2002; Labaume et al., 2002; Neuzil, 2003; Dietrich et al., 2005; Dresen et al., 2006; Sahimi, 2011; Adler et al., 2012) . Fractures are very efficient paths for the migration of hydrocarbons in reservoirs (Mandl and Harkness, 1987; Aydin, 2000; Nunn and Meulbroek, 2002) . A rock body with fractures that have significant effect on its fluid transport is a "fractured reservoir" (Nelson, 1985 (Nelson, , 2001 Aguilera, 1995) .
Rock fractures may be classified in various ways (e.g., Stearns and Friedman, 1972; Nelson, 1985; Price and Cosgrove, 1990; Priest, 1992; Davis and Reynolds, 1996; van der Pluijm and Marshak, 2003; Twiss and Moores, 2006; Gudmundsson, 2011a) . Depending on the relative displacement across the fracture plane, however, all reservoir fractures are either extension fractures or shear fractures. Extension fractures include tension fractures (formed in absolute tension) and hydrofractures. For extension fractures, the relative displacement is perpendicular to, and away from, the fracture plane. For shear fractures the relative displacement is parallel to the fracture plane. Shear fractures with significant or large displacements are commonly referred to as faults.
For modeling rock fractures in reservoirs, three crack modes are used (Figure 1 ; e.g., Broberg, 1999) . Extension fractures are modeled as mode I cracks (Figure 1) . Shear fractures are modeled as either mode II or mode III cracks depending on whether the crack-tip displacement is perpendicular or parallel to the leading edge (tip) of the crack (Figure 1) . The various combinations of these basic types include mixed-mode cracks ("hybrid cracks") where, commonly, mode I displacement is mixed with either mode II or mode III displacement (Hudson and Harrison, 1997) .
The displacement on a crack is largely determined by its controlling dimension (Gudmundsson, 2000b) . The controlling dimension is the smaller of the strike and dip dimension. The horizontal (strike) dimension of a fracture, measured as linear distance between its ends in a lateral outcrop, is referred to as its length, the vertical (dip) dimension as its height (Figure 2) . The maximum thickness or fracture dimension measured perpendicular to the fracture walls is the aperture or opening of the fracture (Figure 2) . That is, if the height is smaller than the FIGURE 2 | The length of a fracture is its horizontal (strike) dimension, its height is the vertical (dip) dimension, and its aperture is the maximum thickness measured perpendicular to the fracture walls. (A) If the height is smaller than the length, the fracture aperture is correlated to the fracture height. (B) If the height is larger than the length, the fracture aperture correlates with the fracture length. The smaller of the strike and dip dimension is therefore referred to as the controlling dimension of the fracture (modified from Gudmundsson, 2000b) .
length (Figure 2A) , the fracture aperture is correlated with the fracture height. If, however, the height is larger than the length (Figure 2B) , the fracture aperture correlates with the fracture length.
As regards shape, any simple two-dimensional fracture (when the aperture and its variation are neglected) can be modeled as one of three basic ideal elastic crack types (Figure 3 ; Atkins and Mai, 1985) : (i) through crack (a through-the-thickness crack) that extends through the whole layer containing the crack, from one free rock surface to another; (ii) part-through crack (a thumbnail crack) that extends from a free surface of the rock body and partly into it; and (iii) interior crack is elliptical and located in the interior of the rock body hosting the crack, the body being regarded as infinite. The penny-shaped crack is the special case of a circular interior crack. Before stress/pressure causes displacement of the crack surfaces, the cracks are regarded as mathematical that is, the aperture is effectively zero.
FLUID FLOW IN FRACTURED ROCKS
In most solid low-porosity rocks, fluid flow occurs primarily through the fractures that form later than the host rocks themselves and constitute a secondary porosity (Nelson, 1985; Singhal and Gupta, 1999) . Despite its importance, fluid flow in fractured rocks is still not well-understood (e.g., Singhal and Gupta, 1999; Faybishenko et al., 2000; Berkowitz, 2002) .
When modeling fluid flow in a single, isolated fracture, the fracture is often idealized as having smooth, parallel walls (Figure 4 ). For such a fracture, a special solution of the NavierStokes equations for the flow of a viscous fluid is commonly used. This solution predicts that the volumetric flow rate is proportional to the cube of the aperture of the fracture through which the fluid flows. Particularly in hydrogeology, this solution is referred to as the "cubic law" (de Marsily, 1986) . FIGURE 3 | Crack shapes of idealized two-dimensional fractures (when the aperture is neglected) used in modeling rock fractures in a reservoir: A through crack extends through the whole layer containing the crack, from one free rock surface to another. A part-through crack extends from a free surface of the rock body and partly into it. An interior crack is elliptical and located in the interior of the rock body hosting the crack, the body being regarded as infinite (modified from Gudmundsson, 2000b) . The host-rock is normally assumed to respond to fluid flow in a fracture in one of two basic ways: rigidly or elastically ( Figure 5) . In many models of fluid flow in rock fractures in the uppermost part of the crust, the host rock is assumed to be perfectly rigid, so that it does not deform due to changes in stress or fluid pressure (e.g., Bear, 1993; Taylor et al., 1999) . The fracture and its fluid source then behave as self-supporting. This means that when fluid is added to, or withdrawn from, an aquifer or reservoir, so that its pressure changes, the aquifer/reservoir volume remains the same.
FIGURE 5 | Schematic model of a vertical hydrofracture initiated from a horizontal sill below the present exposure at a depth h below the present exposure. h is the height of a fracture, which for a vertical fracture is equal to its dip dimension D along which fluid flow Q takes place. W is the width of the fracture perpendicular to the flow direction. For a vertical through-going fracture W is equal to its outcrop length L. b is the fracture aperture in an outcrop. (A) In a rigid host rock, the fracture and the sill are self-supporting and the shape of a hydrofracture does not depend on its fluid pressure. (B) In an elastic host rock, the shape of a hydrofracture depends on its fluid overpressure, the fracture and the sill deform during fluid transport, and buoyancy has to be taken into account.
In other words, the aquifer/reservoir does not feel the weight of the overburden. Buoyancy, which derives from the weight of the overburden in relation to the weight of a vertical column of a fluid (or, more specifically, the density difference between the host rock and the fluid) has therefore no effects on the pressure gradient of the fluid. The volumetric flow rate Q s D , with the superscript s denoting self-supporting fracture and source and the subscript D the length of the dip-dimension of the fracture along which the flow takes place, is given by Gudmundsson, 2011a) :
where b is the fracture aperture, W the fracture width perpendicular to the flow direction (Figures 4, 5) , μ the dynamic (absolute) fluid viscosity, ρ f the fluid density, g the acceleration due to gravity, α the fracture dip, and ∂p e /∂D the excess pressure gradient (where the excess fluid pressure p e is the pressure in excess of the minimum principal compressive stress σ 3 in the roof of the source; see section below). For a vertical fracture, the dip α = 90 • , the term (sin α) becomes 1 and can thus be omitted. More realistically, the host rock, the fracture, and the fluid source may deform during the fluid transport. For the upper crust, this means that they behave as elastic and the weight of the rock above the source is supported by the fluid pressure in the source. Because the density of the host rock, ρ r , is different from that of the fluid, ρ f , buoyancy must then be taken into account in Equation (1). The volumetric rate of fluid flow in an elastic fracture (denoted by the superscript e) is then Gudmundsson, 2011a) :
The cubic law for single fractures can be extended to fracture sets, as has been done for fracture sets in rigid host rocks (Bear, 1993; Singhal and Gupta, 1999) . The use of Equations (1) and (2) can be illustrated with an example of the calculation of the volumetric flow rate through a typical fracture transporting water. We assume smooth parallel fracture walls, so that there is no flow channeling. The fracture occurs at a crustal depth of 3 km, is vertical (α = 90 • ) with a width W (perpendicular to the flow direction) of 500 mm and an aperture b of 1 mm (Figure 5) . For water at 90 • C the dynamic viscosity μ is 3.15 × 10 −4 kg m −1 s −1 , and the density ρ f is 965 kg m −3 (Smits, 2000) . The acceleration due to gravity g is 9.81 m s −2 . The excess fluid pressure p e is assumed equal to the average in situ tensile strength, T 0 = 3 MPa (Gudmundsson, 2011a) , and to have the potential to drive the water up to the basin surface so that the pressure gradient is ∂p e /∂D = −1000 Pa m −1 . Substituting these values into Equation (1), the volumetric flow rate Q s D in a rigid host rock is 1.4 × 10 −3 m 3 s −1 . Equation (2) for the volumetric flow rate Q e D in an elastic host rock, however, with the host rock density ρ r taken as 2400 kg m −3 , yields 2.0 × 10 −3 m 3 s −1 . Buoyancy thus increases the total volumetric flow rate through the fracture by a factor of more than 1.4. The most critical parameter in these calculations, however, is the fracture aperture b, since its cube enters Equations (1) and (2). For a fracture with an aperture b of only 0.1 mm (one tenth of the previous example), and all other parameters as given above, Q s D is 1.4 × 10 −6 m 3 s −1 -one thousandth of that of the first example. This indicates that even few fractures with large apertures in a set consisting of tens or hundreds of fractures may completely control the fluid flow through that set.
Fluid flow in a fractured reservoir is largely, and may be almost entirely, controlled by the permeability of its fracture network (Figures 6, 7) . As an extreme case, if a reservoir consists of a completely impermeable rock except for a fracture network, fluid flow could occur only along the fractures irrespective of the hydraulic gradient. No large-scale flow, however, takes place along a particular fracture network unless the fractures are interconnected.
For fluid flow to occur from one site to another there must be at least one interconnected cluster of fractures that links these sites (Figure 6 ). The condition that such a cluster exists is commonly referred to as the percolation threshold (Stauffer and Aharony, 1994) . Fractures that are restricted to single layers (Figure 7) normally have a lower probability of being interconnected with other fractures than fractures that dissect many layers (e.g., Priest, 1992) and thus often do not contribute significantly to permeability in reservoirs. Fractures restricted to single layers are referred to as stratabound or layerbound, whereas for non-stratabound fractures, layering does not affect fracture growth (Odling et al., 1999; Gillespie et al., 2001 ).
FLUID TRANSPORT IN FAULTS
"Deformed fractures" in the definition of Nelson (1985) are primarily shear fractures, that is, faults. Faults have strong effects on permeability (Barton et al., 1995; Finkbeiner et al., 1997; Gudmundsson, 2000a) . They can be sealing (Jones et al., 2008) , but they are commonly major water conduits (Bruhn et al., 1994; Caine et al., 1996; Evans et al., 1997; Haneberg et al., 1999 ; FIGURE 7 | In mechanically layered rocks, such as this succession of limestone and shale at Nash Point, Glamorgan coast, South Wales, many fractures, such as these joints, become restricted to certain layers. The joints presumably became arrested when their tips tried to propagate from the stiffer limestone layers into the much softer shale layers. Arrested fractures contribute significantly less to the overall permeability of a fluid reservoir than do fractures that propagate through many layers, since they are less likely to develop interconnected fracture systems that reach the percolation threshold. View east; the measuring steel tape is 2 m long. Faybishenko et al., 2000) . Fault zones normally consist of two major hydrogeological units (Chester and Logan, 1986; Faulkner et al., 2010) : a fault core and a fault damage zone. The core consists primarily of breccia, gouge, and other cataclastic rocks; the damage zone is characterized by fractures of various sizes (Bruhn et al., 1994; Caine et al., 1996; Sibson, 1996; Evans et al., 1997) .
Active faults commonly have great effects on the transport of crustal fluids (Gudmundsson, 2000a) . For groundwater, for example, the effects of fault slip during earthquakes include changes in yield of springs, water table, and stream flow (Roeloffs, 1988; Muirwood and King, 1993; Rojstaczer et al., 1995; King et al., 1999; Grecksch et al., 1999) . Similar effects occur in hydrothermal systems. During fault slip all the pores and small fractures that meet with the slip plane become interconnected so that the fault develops temporarily a high hydraulic conductivity (Gudmundsson, 2000a) . When active, a fault plane with an aperture of less than 1 mm is able to transport more water than a 100 m thick porous layer of average hydraulic conductivity of 10 −7 m s −1 (Lee and Farmer, 1993; Gudmundsson, 2000a) .
The best evidence of former fluid transport paths, particularly in deeply eroded, inactive fault zones, are networks of mineral veins (McCaffrey et al., 1999; Gudmundsson et al., 2002) . For example, in a Liassic limestone-shale succession in England, calcite veins occur almost exclusively in the damage zones and the cores of normal faults, indicating that the fault planes transported the fluids that formed the veins (Figure 8 ). Some veins were clearly injected into the limestone layers of the damage zone directly from the fault plane (Brenner, 2003; Brenner and Gudmundsson, 2004a; Gudmundsson et al., 2010) . Many inactive faults are of low permeability and even act as seals for fluids, particularly if they develop clay smear along their planes. Fault planes in sedimentary basins, however, tend to be planes of weakness. Overpressured fluids that flow into such planes are likely to follow the fault planes to higher stratigraphic levels as hydrofractures. These hydrofractures may then be injected into the rocks in the damage zone of the fault zone and build interconnected fracture networks.
The current stress field also controls fluid flow in, and therefore the permeability of, fractured reservoirs (Heffer et al., 1997; Faybishenko et al., 2000; Gudmundsson, 2000b; Smart et al., 2001) . One reason for this is that fractures are sensitive to changes in the stress field and deform much more easily than circular pores. In a fault zone where most fractures in the damage zone are subparallel to the main fault plane the effect of the current stress field on permeability can be strong. In a stress field where the maximum principal compressive stress is perpendicular to the trend of the fractures, many fractures will be closed and fluid flow inhibited. In a stress field where the maximum principal compressive is parallel with the fracture trend, however, fractures tend to be opened up and fluid transport is enhanced (e.g., Finkbeiner et al., 1997; Twiss and Moores, 2006) . Another reason for the control of the current stress field on fluid transport is that faults may be more permeable when they are critically stressed that is, close to slip in an earthquake (Barton et al., 1995) . A third reason is that the stress field contributes to the fluid overpressure of hydrofractures.
HYDROFRACTURE EMPLACEMENT HYDROFRACTURE INITIATION
For a hydrofracture to be able to transport fluids, the fracture must be initiated at its source and then propagate for the eventual distance of fluid transport. Fracture initiation depends on the stress conditions at the source (see below, Equation 3), whereas fracture propagation depends on the stress conditions at the fracture tip (cf. section Hydrofracture Propagation). For dykes and There is a dense network of calcite veins running subparallel to the fault plane. The veins extend for a distance of only a few meters away from the fault plane into the damage zone. For the veins in the foreground that are continuous non-restrictive, and undeformed extension fractures and for which both ends are visible in the outcrop, the outcrop length/aperture (thickness) ratios can be measured, so that the fluid overpressure at the time of hydrofracture formation (cf. Figure 9 ) can be estimated using Equation (5). View east; see the compass for scale.
sheets, the sources are magma chambers; for subvertical mineral veins and joints likely sources include subhorizontal water sills (Sun, 1969; Fyfe et al., 1978) . Such a fluid sill does not necessarily consist only of fluids but is rather a zone of accumulation of fluids which may mainly occupy the pores, as is common in sedimentary rocks. Fluid source is here used in the sense of a fluid accumulation zone with high fluid pressure (e.g., Osborne and Swarbrick, 1997) where a hydrofracture originates.
Hydrofractures normally initiate when the total fluid pressure p f becomes equal to the sum of the minimum principal compressive stress σ 3 in the roof of the source and in situ tensile strength T 0 of the rock in the roof so that the roof ruptures in extension, namely :
where p l is the lithostatic stress at the depth of the fluid source. This is equivalent to that the internal fluid excess pressure p e (the pressure in excess of the minimum principal compressive stress; Figure 9 ) reaches the local in situ tensile strength. Excess pressure can be generated by several mechanisms. For example, artesian aquifers and petroleum reservoirs may be highly pressured due to impermeable seals and the buoyancy of the fluids (de Marsily, 1986; Chilingar et al., 2002; Deming, 2002) .
FIGURE 9 | (A)
In an elastic crust (cf. Figure 5) , the weight of the rock above the source is supported by the fluid pressure in the source. In the roof of the source, a lithostatic state of stress is assumed that is, p l = σ 1 = σ 2 = σ 3 . In the fluid source an internal fluid excess pressure p e may occur (in excess of the lithostatic stress), and if p e reaches the local in situ tensile strength T 0 of the rock in the roof, the fluid source ruptures and a hydrofracture is initiated (Equation 3 ). In the propagating hydrofracture, the fluid pressure in excess of the normal stress on the fracture plane, which for extension fractures is the minimum principal compressive stress, σ 3 , is referred to as overpressure p o . (B) Illustration of the buoyancy effect that leads to the fluid overpressure p o in the hydrofracture being different from the excess pressure p e because the density of the host rock, ρ r , is different from that of the fluid, ρ f . In the roof of the fluid source the total fluid pressure p f at the time of rupture is equal to the sum of the lithostatic stress p l and the excess pressure p e (Equation 3). Assuming a fluid density ρ f of 1000 kg m −3 (water), according to the weight gradient Alternatively, tectonic stresses, such as horizontal tension parallel to the fluid reservoir, or stresses related to active faulting, may reduce one of the horizontal principal stresses leading to the rupture of the reservoir roof (cf. Gudmundsson, 2006) . Also, in low-permeability rocks fluid excess pressure may build up locally during mineral transitions (Philipp, 2008) .
HYDROFRACTURE PROPAGATION
Hydrofractures propagate by advancing their tips when the associated tensile stresses exceed the tensile strength of the host rock (this criterion can also be formulated using fracture toughness rather than tensile strength) (e.g., Valko and Economides, 1995) . Propagating hydrofractures form their paths by gradually linking up discontinuities in the host rock ahead of their tips into which the fluids subsequently flow. A discontinuity is any significant mechanical break or fracture of low or zero tensile strength in the rock (Priest, 1992) . Thus, the stress fields in combination with the discontinuities ahead of a hydrofracture tip largely determine the fracture-propagation path. Favorably oriented discontinuities ahead of the tip open up when they are subject to tensile stresses that exceed their tensile strengths. Numerical models (e.g., Brenner, 2001, 2005; Brenner, 2003; Gudmundsson, 2006; Gudmundsson and Philipp, 2006) show that the maximum concentration of the maximum principal tensile stress (minimum principal compressive stress), σ 3 , occurs at the margins of fluid reservoirs and decreases rapidly with distance from the reservoir (cf. Savin, 1961) . This indicates that, commonly, the conditions of hydrofracture initiation and propagation are satisfied at the margin, and in the vicinity of, the reservoir, whereas at greater distances from the reservoir the stress conditions favor hydrofracture arrest. Consequently, the intensity of hydrofractures injected from a fluid reservoir should normally decrease away from the reservoir, the propagation direction being radially away from the reservoir, in agreement with observations of sheet and dyke swarms (Gudmundsson, 2006) .
FLUID OVERPRESSURE OF HYDROFRACTURES
The term excess pressure refers to the pressure in excess of the minimum principal compressive stress σ 3 or, for a lithostatic state of stress, the overburden pressure in the reservoir roof. Outside the reservoir, in a propagating hydrofracture (Figure 9A ), the fluid pressure in excess of the normal stress on the fracture plane, which for extension fractures is the minimum principal compressive stress, σ 3 , is referred to as overpressure p o . Thus, p o is the pressure available to drive the fracture walls open at a particular point. The term "overpressure" in the sense used here is well-established in the technical literature (Heimpel and Olson, 1994; Bonafede and Rivalta, 1999a,b) . However, p o is also referred to as driving pressure or driving stress (Pollard and Segall, 1987; Vermilye and Scholz, 1995; Dahm et al., 2010) , or as net pressure (Valko and Economides, 1995) . Fluid overpressure, as defined here, is not to be confused with an abnormal pore formation pressure. Such confusion may occur because in part of the literature the hydrostatic pressure is regarded as normal, a lower formation pressure is referred to as subnormal, and a higher formation pressure as supernormal (Selley, 1998) or overpressure (Hubbert and Rubey, 1959; Chapman, 1981; Dahlberg, 1994; Chilingar et al., 2002) .
In higher stratigraphic levels hydrofractures commonly develop a fluid overpressure p o due to the buoyancy effect if host rock and fluid have different densities ( Figure 9B ; Spence et al., 1987; Rubin, 1995; Ray et al., 2007; Geshi et al., 2010; Gudmundsson et al., 2012) . This overpressure p o depends on the excess pressure p e in the source, the buoyancy term (ρ r − ρ f ), and the differential stress σ d (the difference between the principal stresses σ 1 − σ 3 ) in the host rock at the depth under consideration (for example, an exposure of a mineral vein), thus:
where h is the height of the hydrofracture above the fluid source ( Figure 5 ) and the other parameters are as defined in Equations (1-3). For water in a sedimentary basin, the buoyancy term (ρ r − ρ f ) is always positive and h is zero in the roof of the fluid source and increases upwards that is, on approaching the Earth's surface. It follows, since both (ρ r − ρ f ) and h are positive that the buoyance increases upwards that is toward the Earth's surface. Consequently, the overpressure p o in a hydrofracture increases upwards away from the reservoir and reaches its maximum value at the surface ( Figure 9B ). For magma in a dyke, the buoyancy term may become negative when the dyke propagated through low-density rocks, so that the overpressure may approach zero, but for water the buoyancy effect and the overpressure always increase right up to the surface. The fluid overpressure at the time of formation of paleohydrofractures, such as mineral veins and dykes, can be estimated using physical principles that relate fluid pressures to the fracture aspect (length/aperture) ratios. A subvertical hydrofracture extending from a fluid reservoir to an open contact between layers (or to the surface) can be modeled as a through crack (Figure 3 ). The fracture height can then be considered infinite and thus the outcrop length is the shorter, controlling, dimension. For a fluidfilled extension fracture modeled as a through crack with outcrop length L and maximum aperture b max , the static overpressure p o is given by (Sneddon and Lowengrub, 1969; Gudmundsson, 2000b) :
where E is Young's modulus and ν Poisson's ratio of the host rock. Rearranging Equation (4), the fluid overpressure calculated from Equation (5) can be used to estimate the height of the hydrofracture that is, the depth h to the fluid source below the present outcrop (Figure 9 ; Gudmundsson, 1999) :
where all the parameters are as defined above (cf. Becerril et al., 2013) .
As an example, we use these analytical models to estimate the fluid overpressure at the time of vein formation for 239 calcite veins in Liassic limestone layers associated with normal faults in England (Figure 8) . The outcrop length L and aperture b of these veins have a reasonable linear correlation with an aspect (length/aperture) ratio of 451 (Philipp, 2012) . First, however, the mechanical properties of limestone at the time (presumably Cretaceous) and depth (∼1-2 km) of vein formation have to be estimated. Because the limestones were young at the time of vein formation and in situ values are normally lower than laboratory values, Young's modulus is likely to have been in the lower range of typical laboratory values for limestone (10-80 GPa; Bell, 2000) ; E = 15 GPa is a reasonable value. Using 0.25 for Poisson's ratio, a common value for limestones (Jumikis, 1979; Bell, 2000; Gudmundsson, 2011a) , Equation (5) gives the average fluid overpressure p o as 18 MPa (cf. Philipp, 2012) .
In Equation (6) we use the limestone density of 2400 kg m −3 (Bell, 2000) for ρ r and the water density (for water at 90 • C) of 965 kg m −3 (Smits, 2000) for ρ f . p e is equal to local in situ tensile strength T 0 (Equation 3) and σ d normally cannot be greater than 4T 0 . Common in situ tensile strengths T 0 of solid rocks are 0.5-6 MPa, most frequently 2-3 MPa (Haimson and Rummel, 1982; Schultz, 1995 and Stephansson, 1997). Using these values, Equation (6) gives the depth of the water source from 213 to 568 m. Using extreme variations of all the included parameters yields a maximum depth of 1200 m (cf. Philipp, 2012) which is in agreement with oxygen and carbon isotope data indicating fluid sources of the veins 20-30 • hotter than the host rocks (Davison, 1995) . For 384 quartz veins in basalt in a fault zone in North Iceland, the average aspect ratio is 400; the average overpressure is then estimated at 20 MPa and the depth calculated as being in a similar range as for the example from England . This indicates that in both cases, the geothermal water that formed these veins accumulated in sources at shallow depths and was thus of a rather local origin.
HYDROFRACTURE TIP STRESSES
To calculate the tip stresses of a rock fracture in general, and a hydrofracture in particular, two approaches have normally been used (Jaeger and Cook, 1979) . One is to use a mathematical crack of zero thickness, an approach frequently used in fracture mechanics ( Figure 10A ; Sneddon and Lowengrub, 1969; Maugis, 2000) . The other principal approach in modeling rock fractures is to consider the crack as a flat elliptical hole ( Figure 10B ; Savin, 1961; Maugis, 2000) . This approach is more common in rock mechanics.
A mathematical crack ( Figure 10A ) is an appropriate model for many hydrofractures, particularly those that initiate as narrow cracks with very thin, hair-like tips; for example many joints (cf. Kusumoto et al., 2013a,b) . A hydrofracture located on the vertical y-axis is defined by x = 0, −a ≤ y ≤ a. The internal fluid overpressure (also referred to as driving pressure or net pressure) of the hydrofracture is given by the even function p(x) = p(−x), so that the pressure is the same on the walls to the left and to the right of the vertical y-axis. For a constant overpressure p(x) = −p o , so that inside the fracture, for 0 ≤ y ≤ a, σ 3 = p o . Beyond the fracture tips, for y > a, the crack-tip tensile stress σ 3 (y, 0) is (Maugis, 2000) :
This indicates that when the hydrofracture tip is approached from outside,y → a, the principal stress σ 3 becomes infinite. Similar solutions are obtained if the overpressure is not constant but varies linearly or by another mathematical law. In nature, however, a crack-tip process or damage zone, plastic flow and, for hydrofractures, a near-tip underpressured zone make the tip stresses finite (Valko and Economides, 1995) . The elliptical hole with a major axis 2a and a minor axis 2c (so that 2c = b is its aperture; Figure 10B ) is an appropriate model for many types of fractures. As regards fracture morphology, these include many open fractures, mineral veins, and vuggy fractures. In addition, an elliptical hole is often a reasonable model for some tension fractures in rift zones, as well as for many hydrofractures such as dykes, sills, and inclined sheets (e.g., Gudmundsson, 2000b) . The minimum principal stress σ 3 at the tips of an elliptical hole subject to a fluid overpressure p o is (Peterson, 1974; Maugis, 2000) : 
As an example, we calculate the tip tensile stresses for the calcite veins presented above (section Fluid Overpressure of Hydrofractures). With an aspect ratio a/c = 451 and an estimated fluid overpressure of p o = 18 MPa, Equation (8) yields an average crack-tip tensile stress of ∼1.6 × 10 4 MPa. Using common aspect ratios of regional dykes, measured in lateral sections in Iceland, as 900-1000, and their estimated overpressures as several tens of mega-pascals (Gudmundsson, 2006) , we obtain σ 3 at a lateral dyke tip as ∼10 4 MPa, the same order of magnitude as for the mineral veins. To explore stress fields affecting hydrofracture propagation we have run many numerical models (cf. e.g., Brenner, 2001, 2005; Brenner and Gudmundsson, 2002, 2004a,b; Gudmundsson and Philipp, 2006) . Here we present boundaryelement models (Brebbia and Dominguez, 1992) published models to illustrate and explain better the results presented here. As for many three-dimensional problems, one dimension can be considered as effectively infinite so that the problem can be modeled in two dimensions, using specific equations for the condition referred to as plane strain (one principal strain is zero; Jaeger and Cook, 1979) . All models are scaleindependent so that the results can be used for any size of hydrofracture. First we explore the tensile stress at a hydrofracture tip in a homogeneous, isotropic rock (Figure 11) , where a hydrofracture subject to a constant fluid overpressure of 10 MPa is located in a crust with Young's modulus 100 GPa and Poisson's ratio of 0.25. The model is three units high and six units wide. The units used here are arbitrary measures of distance and primarily to indicate the aspect (height/width) ratio of the model and the related size and depth of the hydrofracture. In the The crosses indicate the boundary conditions of no displacement in the lower corners of the model. The hydrofracture tip is at 0.5 units below the surface. (A) Concentration of the maximum principal tensile stress (minimum compressive stress) σ 3 , in mega-pascals (truncated at 1 and 10 MPa). The aperture of the hydrofracture is shown 150 times exaggerated. In a large area around the fracture tip, tensile stresses exceed 10 MPa. (B) Tensile stress distribution from the surface to the hydrofracture tip. The tensile stress is zero at the surface, but at the tip, it reaches 149 MPa. (C) Maximum principal tensile stress at the surface. The tensile stress distribution has a peak of 4 MPa on either side of the fracture tip at a horizontal distance 1.6 times the distance to the hydrofracture tip below the surface ("surface distance"). model, the hydrofracture tip is at 0.5 units below the surface so that the fracture half-length a is 2.5 units; the initial (undeformed) thickness b of the hydrofracture is 0.04 units. This fracture has the shape of a rhombus, not of an ellipse, so that Equation (8) cannot be used to obtain its tip stress. In nature, the dip dimension (height) of such a hydrofracture could be in the order of tens or hundreds of meters. Since fluid overpressure is the total fluid pressure minus the stress normal to the fracture, remote tension, or compression (e.g., due to gravity) is automatically included in the loading conditions for the layer hosting the fracture (Gudmundsson et al., 2012; Kusumoto et al., 2013a,b) . To avoid rigid body translation and rotation, the model needs to be fastened (using the condition of no displacement). In order to allow the hydrofracture to deform freely, however, the model is fastened in the lower corners only.
The magnitude of the tensile stress around the hydrofracture tip is shown in Figure 11A as contours of the minimum principal compressive (maximum principal tensile) stress σ 3 in mega-pascals (MPa; truncated at 1 and 10 MPa). The maximum calculated tensile stress at the fracture tip is 149 MPa (Figure 11B) , and there is a large area around the fracture tip where the tensile stress exceeds 10 MPa ( Figure 11A) . The tensile stress then falls off quickly with distance from the fracture tip (Figure 11B) . At the surface directly above the fracture tip, no tensile stresses occur, but the tensile stress concentration at the surface has two peaks ( Figure 11C ). This is similar to analytical solutions for vertical extension fractures in a homogeneous, isotropic elastic half space subject to remote tensile stresses, or internal fluid pressure (Isida, 1955) .
Since the in situ tensile strength of common solid rocks varies from 0.5 to 6 MPa (Haimson and Rummel, 1982; Schultz, 1995; Amadei and Stephansson, 1997) , the above results from analytical and numerical models indicate that theoretical tip tensile stresses are from one hundred to ten thousand times greater than the tensile strength of the host rock through which these hydrofractures propagate. Similar results follow from other models of hydrofractures in homogeneous, isotropic rocks (Weertman, 1971; Secor and Pollard, 1975) . This indicates that, for a homogeneous and isotropic rock, any significant overpressure in a hydrofracture normally generates very high (and for a mathematical crack, infinite) crack-tip tensile stresses so that any continuous and buoyant hydrofracture should propagate to the earth's surface.
Natural rocks, however, are normally heterogeneous and anisotropic and most hydrofractures become arrested at various crustal depths. In mechanically layered rocks, in particular, arrested hydrofractures are common. This is evidenced by many field observations of dykes, veins, and joints and field and laboratory experiments on man-made hydraulic fractures in petroleum engineering. Layering in solid materials in general is known to have strong effects on fracture propagation (e.g., Daniel and Ishai, 1994; Broberg, 1999; Brooks and Choudhury, 2002; Nasseri et al., 2006; Zhang et al., 2007; Tvergaard and Hutchinson, 2008) . In the following section we explore hydrofracture emplacement in mechanically layered rocks in detail.
HYDROFRACTURE EMPLACEMENT IN MECHANICALLY LAYERED ROCKS MECHANICAL LAYERING OF RESERVOIR ROCKS
Layering is a common feature of many heterogeneous rock masses. Layered reservoirs are well-known in the field of petroleum engineering (Aguilera, 2000; Economides and Boney, 2000) . In that field, a practical distinction is often made between laminated and layered reservoirs in that a reservoir is referred to as layered when the layers are thick enough to be targeted by a horizontal well, but as laminated when the layers are too thin for such a targeting to be possible (Economides and Boney, 2000) . Generally, laminated reservoirs have a poor vertical permeability (Economides and Boney, 2000) . In layered reservoirs, the permeability from layer to layer can vary considerably. Generally, ignoring the variation in permeability between layers in a reservoir can lead to an overestimate of its overall permeability (Aguilera, 2000) .
One main reason why the permeability may vary considerably between rock layers is that some layers host more interconnected fractures than others. In turn, the fracture frequency in a single layer depends on the chances of fracture development in that layer. Since fracture development is mostly controlled by the state of stress in the host rock (Warpinski et al., 1982) which in turn correlates with rock mechanical properties (Hudson and Harrison, 1997) , fracture development is largely controlled by the mechanical properties of the layers. In order to understand fracture development in layers that themselves are homogeneous and isotropic (even if the rock as a whole is heterogeneous and anisotropic), at least two elastic constants must be determined. The two constants most commonly used in rock mechanics are Young's modulus and Poisson's ratio (Hudson and Harrison, 1997) .
At low temperatures and pressures and up to about 1% strain, most solid rocks behave approximately as linear elastic materials (Paterson, 1978; Farmer, 1983) . This means that Hooke's law (strain varies linearly with stress) is approximately valid and Young's modulus E of that rock can be defined as the ratio of stress to strain. Young's modulus is a measure of the stiffness of the rock and is often referred to as stiffness. Following the tradition in engineering rock mechanics, layers with high Young's moduli are referred to as stiff and those with low Young's moduli as soft. As measured in the laboratory, Young's moduli for common bedrocks range from less than 0.1 GPa for some soft sediments and pyroclastic rocks to as much as 130 GPa for some igneous and metamorphic rocks, with the most common values being 1-100 GPa (Hatheway and Kiersch, 1982; Afrouz, 1992; Bell, 2000; Schön, 2004; Gudmundsson, 2011a) .
Because hydrofracture propagation is normally slow compared with the velocity of seismic waves (Valko and Economides, 1995) , it is appropriate to use static Young's moduli, normally 2-10 times lower than the dynamic moduli (Goodman, 1989) , for analyses of hydrofractures. Also, in situ elastic properties are normally different from those measured in the laboratory. In particular, in situ static Young's moduli tend to be as much as 1.5-5 times lower than that measured of the same rock type in the laboratory (Heuze, 1980) . This is mainly because fractures in in-situ rock masses lower their stiffnesses whereas the rock samples measured in the laboratory are essentially free of fractures (Goodman, 1989; Priest, 1992; Hudson and Harrison, 1997) . With increasing pressure and temperature, and thus with increasing depth in the crust, however, the differences between the laboratory and in situ values decrease.
Poisson's ratio ν is a measure of the absolute ratio of strain in perpendicular directions. The range of Poisson's ratios for bedrocks is, as compared with Young's modulus, narrow. Typical values for solid rocks range from 0.2 to 0.35 with ν = 0.25 being most common (Jaeger and Cook, 1979; Jumikis, 1979; Bell, 2000) .
Rock masses where the mechanical properties change between layers are commonly referred to as mechanically layered. Mechanical layering may coincide with changes in grain size, mineral content, or facies. For example, in layered sedimentary reservoirs, such are common in carbonates (limestone interlayered with marl) or siliciclastics (sandstone interlayered with shale or clay), some rock types forming individual layers (such as limestone or sandstone) may be considerably stiffer than other layers (such as marl or clay) (Bell, 2000; Schön, 2004; Gudmundsson, 2011a) . Also volcanic rocks are commonly mechanically layered, since they often consist of rather stiff lava flows (and sills) and softer volcanic tuffs or other pyroclastic rocks (Bell, 2000) . In metamorphic rocks mechanical layering can be observed, for example, in many gneisses where leucosome and melanosome may have different mechanical properties (Hatheway and Kiersch, 1982) . However, if a layered rock mass has essentially the same Young's modulus throughout, and if the layers are welded together so that there are no weak or open contacts, the layers may function mechanically as a single layer.
FIELD OBSERVATIONS AND NUMERICAL MODEL ON HYDROFRACTURE EMPLACEMENT
In mechanically layered rocks, the mechanical properties, particularly the Young's moduli, change between layers. In many layered rocks, predominantly in sedimentary and volcanic rocks at shallow depths, the contacts between individual layers are weak (non-welded, the tensile strength across the contact being negligible) or open (cf. Gudmundsson et al., 2002; Gudmundsson, 2006) . Some fractures propagate through contacts as collinear fractures (Becker and Gross, 1996) , but when a propagating hydrofracture meets with a weak or open contact, such as bedding, or a layer of contrasting mechanical properties, it commonly becomes either arrested (Figure 12) or offset when it continues with a step-over upwards (Figure 13) .
There are four main mechanisms by which hydrofractures become arrested, or offset: (i) material toughness, (ii) discontinuities, (iii) stress barriers, and (iv) changes in rock stiffness (Young's modulus). Since the material toughness mechanism also involves changes in stiffness across a discontinuity (e.g., a contact), mechanisms (i) and (iv) are commonly discussed together and regarded as one. All these mechanisms related to rock layering and discontinuities and all may operate together in a single rock mass during fracture propagation.
Material toughness is a well-known concept in materials science (He and Hutchinson, 1989; Kim et al., 2006; Lee et al., 2007) . It is the critical strain energy release rate of a layer or the contact between layers. More specifically, material toughness, denoted by G and with the units of J m −2 , is a measure of the energy absorbed in a material (here rock) per unit area of a fracture in the material (e.g., Broberg, 1999; Gudmundsson, 2011a) . The greater the material toughness of a layered rock mass then, other things being equal, the greater is the (elastic) energy needed to propagate a fracture through that mass. Analytical solutions indicate that the probability of fracture becoming deflected and/or arrested at an interface (e.g., a contact), rather than penetrating the interface, depend on the difference in Young's modulus between the layers on the opposite sides of an interface/discontinuity (e.g., a contact) and the difference in material toughness between the interface itself and the layer on the opposite side (the layer not hosting the fracture) in relation to the energy release rates associated with fracture deflection and penetration. More specifically, if there is no Young's modulus (stiffness) mismatch (no difference in Young's modulus) across the interface, then fracture deflection occurs only if contact toughness is about 25% of the toughness of the material (here the rock) on the other side of the contact (He and Hutchinson, 1989; Hutchinson and Suo, 1992; Kim et al., 2006; Lee et al., 2007 ; cf. Gudmundsson et al., 2010; Gudmundsson, 2011a,b) . However, when the Young's modulus mismatch increases, deflection will still occur even if the material toughness of the interface/contact becomes equal to or higher than the bulk material toughness.
The term "discontinuity" includes fractures as well as contacts. A "stress barrier" for a vertical hydrofracture is a layer or discontinuity where the hydrofracture-normal compressive stress is higher than in the adjacent layers; in general, a stress barrier is any layer or contact with unfavorable stress conditions for the propagation of a particular type of a fracture. Stress barriers are particularly common in mechanically layered rocks (Haimson and Rummel, 1982; Amadei and Stephansson, 1997; Zang and Stephansson, 2010) . Discontinuities, stress barriers, and changes in rock stiffness are related in that changes in stiffness and stress barriers are common at contacts (discontinuities) between different rock types (Gudmundsson and Brenner, 2001; Brenner, 2003) .
An open or weak contact may open up as a fracture tip approaches it, in which case the hydrofracture normally propagates along part of the open contact or becomes arrested. A resulting deflected or T-shaped fracture is commonly observed (or inferred) in fracture mechanics (Cook and Gordon, 1964; Atkins and Mai, 1985; He and Hutchinson, 1989) , in petroleum engineering hydraulic fracture studies (Gulrajani and Nolte, 2000;  www.frontiersin.org
December 2013 Kim et al., 2006; Zhang et al., 2007) , and in volcanic regions where dykes change into sills (Gudmundsson, 2011b) . Some fractures are also arrested by slip at contacts (interfaces). There is some field evidence for slickensides along bedding planes in sedimentary rocks (Renshaw and Pollard, 1994) , and Cooke and Underwood (2001) propose that when slip occurs, crack-tip tensile stresses cannot be transmitted across the interface so that the tip becomes arrested.
Dykes often end at layer contacts which show no evidence of slip (Gudmundsson, 2006; Gudmundsson and Philipp, 2006) . Many dykes, for example in Tenerife (Canary Islands) and Iceland, are arrested at contacts between lava flows and pyroclastic layers (Figure 12A ; cf. Gudmundsson and Brenner, 2001; Gudmundsson and Philipp, 2006) or at bedding contacts in sedimentary rocks (Baer, 1991) . Some dykes thin gradually toward the discontinuity; others end bluntly ( Figure 12A) . When there are stress barriers, dykes may end vertically by tapering away in relatively homogeneous and isotropic rock layers (Gudmundsson and Brenner, 2001; Gudmundsson and Philipp, 2006) .
Mineral veins may also become arrested at contacts in mechanically layered rocks. For example, in layered carbonate rocks (Gillespie et al., 2001; Gudmundsson and Brenner, 2001; Brenner and Gudmundsson, 2004a,b) , most of the calcite veins are confined to limestone layers and end abruptly, some with blunt tips, at the contacts to shale layers ( Figure 12B) .
Commonly joints, many of which are hydrofractures, terminate abruptly on meeting with contacts between layers with contrasting mechanical properties. For example, many joints in layered carbonate rocks are restricted to limestone layers (Gillespie et al., 2001; Brenner and Gudmundsson, 2004a,b; Larsen et al., 2008) . Field observations show that there is often no slip at bedding contacts associated with the arrested veins and joints (Brenner and Gudmundsson, 2004a,b; Larsen et al., 2008) . Also in gneiss, joints can become arrested at the contact of leucosome layers to melanosome layers ( Figure 12C ; Brenner and Gudmundsson, 2002) .
Hydraulic fractures in petroleum engineering become arrested when their vertical tips enter layers of high fracture-perpendicular compressive stresses or meet with sharp contacts between mechanically contrasting layers (e.g., Daneshy, 1978; Simonson et al., 1978; van Eekelen, 1982; Warpinski et al., 1982; Teufel and Clark, 1984; Warpinski and Teufel, 1987; Naceur and Touboul, 1990; Valko and Economides, 1995; Charlez, 1997; Yew, 1997; Economides and Nolte, 2000; Zhang et al., 2007) .
Offset of hydrofractures is also commonly observed in mechanically layered rocks, particularly when there are weak contacts. Lateral dyke offsets across contacts between layers of contrasting mechanical properties, such as lava flows and pyroclastic rocks (Figure 13A) , are very common. In some cases, the individual arrested segments of a dyke are connected by thin, igneous veins across the contacts or the dyke may even follow the contact as a sill before it continues propagating upwards (Gudmundsson and Brenner, 2005; Gudmundsson and Philipp, 2006) . However, particularly in lateral sections, many dyke segments have no visible connections, that is, the individual segments may look like individual, non-connected fractures in a section, although all dyke segments must be fed by and be connected to a magma chamber ( Figure 13A) . Also, mineral veins and joints may become offset along contacts. For example, some calcite veins in marly shale layers are offset (with very thin connections between the segments) at bedding contacts ( Figure 13B ). Similar offsets can be observed for many joints ( Figure 13C ; Helgeson and Aydin, 1991; Cooke and Underwood, 2001; Rijken and Cooke, 2001; Larsen et al., 2008) . These and other field observations indicate that the arrest or, more generally, offset of hydrofractures at contacts in mechanically layered rocks is very common. One reason why the mechanical properties of rock layers and contacts have such great effects on the propagation and emplacement of hydrofractures is that these mechanical conditions affect the local stress fields in rocks. From Hooke's law (strain varies linearly with stress) it follows that, for a given strain, the stress concentration in a stiff (high Young's modulus) material will be greater than in a soft (low Young's modulus) material. The local stress fields in a rock consisting of stiff and soft layers will thus be very different from the ones in homogenous, isotropic media. A weak contact (or other discontinuity) behaves as a fracture that concentrates and redistributes the local stresses and may contribute to fracture arrest (Warpinski and Teufel, 1987; Weertman, 1996; Gudmundsson and Brenner, 2001; Gudmundsson, 2011a) .
Thus the local stress field associated with mechanically layered rocks largely controls whether a hydrofracture meeting a contact between rock layers of contrasting mechanical properties propagates through the contact (with or without an offset) or, alternatively, becomes arrested (Gudmundsson and Brenner, 2005; Zhang et al., 2007) . The effects of discontinuities (e.g., Cook and Gordon, 1964; Daneshy, 1978; Cooke and Underwood, 2001) and stress barriers (e.g., Valko and Economides, 1995; Charlez, 1997; Yew, 1997; Smith and Shlyapobersky, 2000) on hydrofracture arrest have received more attention than have changes in rock stiffness.
With a numerical model we explore the stress field around a hydrofracture tip in a mechanically layered crust (Figure 14) . A small inset in the illustration indicates the initial, undeformed geometry of the model. The model is similar to the model in Figure 11 but the crust consists here of 17 layers. The lowermost layer C has a thickness of 1 unit and a moderate stiffness (Young's modulus E of 10 GPa). Layers A are 0.2 units thick (E = 100 GPa), layers B 0.05 (E = 1 GPa). The layer contacts are as welded together. The hydrofracture is confined to the lowermost layer C and subject to a constant overpressure of 10 MPa.
The hydrofracture tip at the contact with the lowermost soft layer B becomes rounded and relatively blunt ( Figure 14A ). The Figure 11) : the hydrofracture tip is at 2 units below the surface. In this model, the crossed layers A (thickness 0.2 units) are stiff, Young's modulus E 100 GPa, the dotted layers B (thickness 0.05 units) are very soft, E = 1 GPa; in layer C Young's modulus is 40 GPa. Poisson's ratio is 0.25 in all the layers. (A) Concentration of the maximum principal tensile stress σ 3 , in mega-pascals (truncated at 1 and 10 MPa). The aperture of the hydrofracture is shown 150 times exaggerated and is largest in the soft layers. As the hydrofracture tip meets with the bottom of a soft layer, it becomes wide and blunt. There is high tensile stress concentration in the stiff layer above that could induce new fractures. However, only in a small area in the soft layer next to the hydrofracture, the tensile stress exceeds 10 MPa. (B) Tensile stress distribution from the surface to the hydrofracture tip. Apart from the general increase of the tensile stress from zero at the surface to the tip, the tensile stress increases in the lower parts of all the stiff layers and is relatively lowest in all the soft layers with abrupt changes at the contacts between stiff and soft layers. The highest tensile stress, 30 MPa occurs at the fracture tip, but this value is much lower than the tip stress for the homogeneous model ( Figure 11B ). stiff layers A take up much tensile stresses, particularly in their lower parts, so that new fractures could be induced in those parts. The soft layers B, however, suppress tensile stresses. The theoretical calculated tensile stress at the fracture tip in the soft layer is 30 MPa (Figure 14B) , much lower than the tip stress of 149 MPa for the homogeneous model above (Figure 11B ). In the soft layer next to the hydrofracture tip, tensile stresses exceed common in situ tensile strengths of rocks (0.5-6 MPa; Haimson and Rummel, 1982; Schultz, 1995) only in a very small area. It is unlikely that the hydrofracture propagates through the soft layer unless the layer contains a suitable nearby subvertical discontinuity.
DISCUSSION
In the numerical model above the contacts between layers of contrasting mechanical properties are as welded or bonded together (Figure 14) . Fracture propagation in bounded, layered materials, where the layers have different mechanical properties, has received much attention in the engineering literature (Daneshy, 1978; He and Hutchinson, 1989; Hutchinson and Suo, 1992; Valko and Economides, 1995) . In the geological literature there has been considerable discussion of arrest by ductile or semiductile layers within stiff layers, but the effects of differences in stiffnesses (Young's moduli) between bounded stiff layers have received comparatively little attention (Bonafede and Rivalta, 1999a,b; Zhang et al., 2007) .
For the models (Figures 11, 14) , constant fluid overpressure is applied to the hydrofracture along its entire length. However, in nature the tip of a hydrofracture commonly propagates ahead of its fluid front (Valko and Economides, 1995; Economides and Nolte, 2000) . This is demonstrated by hydraulic fracture experiments and models which indicate that the fluid front normally lags behind the hydrofracture tip (Warpinski, 1985; Advani et al., 1997; Yew, 1997; Garagash and Detournay, 2000) . We have run other numerical models where the part of the hydrofracture close to its tip is without any loading, whereas the hydrofracture was allowed to open along an internal spring of low stiffness (e.g., Brenner and Gudmundsson, 2002, 2004a,b; Gudmundsson et al., 2002) . Such a loading represents zero overpressure that is, a situation where the fluid pressure in the hydrofracture is in lithostatic equilibrium with the surrounding rocks.
A constant fluid overpressure, as applied in the numerical models here (Figures 11, 14) implies that, since the stress normal to the fracture normally increases downwards (as the lithostatic pressure does), the total fluid pressure must increase in the same way. Exceptions could occur in a strongly layered crust where the local stresses normal to the fracture would not increase gradually with depth (cf. Haimson and Rummel, 1982; Warpinski et al., 1982) . In nature the fluid overpressure would normally increase upwards for fluids with a density ρ f less than the rock density ρ r , such as water, due to the buoyancy effect (Equation 4), but decrease upwards for fluids with a high density ρ f , such as some mafic magmas. Consequently, in our numerical models we explore the average effect when ρ f = ρ r . Models of hydrofracture propagation with linearly varying overpressure distributions give similar solutions and essentially lead to the same conclusions (Gudmundsson and Brenner, 2001; Brenner and Gudmundsson, 2002; Gudmundsson et al., 2002) .
Analytical models (Isida, 1955) and numerical models of hydrofractures in homogeneous, isotropic rocks (Figure 11) show that the tensile stress concentration at the surface, or an interface, induced by a propagating fracture has two peaks (Pollard and Segall, 1987) . Where the stress peaks are the most likely locations for induced offset fractures at weak interfaces. In the models, the location of the peak is given as a factor of the horizontal distance in comparison to the distance to the hydrofracture tip below the surface ("surface distance"). For the homogenous, isotropic model (Figure 11C) , the peak stress is 4 MPa and occurs at a surface distance of 1.6. At a weak contact, such peak stresses, in the order of common in situ tensile strengths, could be high enough to induce offset fractures. Mechanical layering, particularly horizontal discontinuities, may transfer the stress peaks at the surface, so that straightforward inversion of surface geodetic data may lead to unreliable inferred depths of hydrofracture tips (cf. Gudmundsson, 2006) .
For fluid overpressure as the only loading, the soft layer would normally act as a stress barrier and thus favor hydrofracture arrest (Figure 14 ; Brenner and Gudmundsson, 2002, 2004a,b; Larsen and Gudmundsson, 2010) . In a reservoir subject to remote compression or tension, however, the results may be very different. When a layered reservoir is subject to horizontal tension, the tensile stresses that concentrate in the stiff layers are expected to be even higher, whereas soft layers still tend to be stress barriers (Gudmundsson and Brenner, 2001 ). When such a reservoir is subject to horizontal compression, however, the stiff layers are likely to take up most of the compressive stress and act as barriers to vertical hydrofracture propagation (Gudmundsson and Brenner, 2001 ). Thus, stiff layers are stress barriers in remote compression, whereas soft layers are stress barriers in remote tension or when fluid overpressure is the only loading. Extension of a sedimentary basin leads to relative tension that is, reduction in compression. The relative tensile stresses concentrate in the stiff layers but not in the soft layers which, thereby, may have higher compressive stresses than the stiff layers and thus form stress barriers. This effect is well-known in the petroleum industry (Economides and Nolte, 2000) .
Because of possible flow channeling along the widest parts of a fracture (Wang, 1991; Tsang and Neretnieks, 1998) , aperture variation is important for the permeability in fluid reservoirs. When fluid overpressure of the hydrofracture is the only loading, or the reservoir is subject to remote compression, the aperture of a vertical hydrofracture is greatest in the soft layers and least in the stiff layers Larsen and Gudmundsson, 2010; Gudmundsson et al., 2012) . However, field observations in layered rocks indicate that in soft layers many hydrofractures are shear fractures. This has been observed, for example, for layered carbonate rocks in England (Figure 15 ; Brenner and Gudmundsson, 2004a,b . There, calcite veins and joints mostly follow inclined shear fractures in the soft shale layers between limestone layers, where they are extension fractures. This indicates that, during hydrofracture formation, the shale had no tensile strength and failed in shear rather than in extension. Because inclined fractures are not longer perpendicular to the minimum principal compressive stress, σ 3 , but normal to a higher stress σ n , they normally are thinner than similar-sized extension fractures.
The cubic law for fluid transport in rock fractures may not apply to fractures with rough walls, or where the aperture varies much along the fracture path. For elastic host rocks the aperture normally depends on the fluid pressure in the fracture, the state of stress in the rock, and the mechanical properties of the host rocks. For fractures with varying aperture, fluid flow may be channeled along their widest parts or greatest openings (Wang, 1991; Tsang In the gray limestone layer, the vein is a vertical extension fracture, with the minimum principal compressive stress σ 3 as its normal stress (as is indicated by arrows). In the marl layer, however, the vein is an inclined shear fracture, subject to a higher normal stress σ n and therefore thinner than the vertical part. View north; the hammer provides a scale (cf. Brenner and Gudmundsson, 2004a) .
and Neretnieks, 1998; Gudmundsson, 2011a) . However, for such realistic fracture geometries, the Navier-Stokes equations have not yet been solved (cf. Zimmerman and Yeo, 2000) . Our field observations (Figure 12 ) and numerical model (Figure 14) indicate that, although shallow fractures may be more likely to be stratabound than fractures at deeper crustal levels (Odling et al., 1999; Gillespie et al., 2001) , hydrofractures can become arrested at any crustal depth if there is a strong contrast in the mechanical properties of adjacent rock layers. This conclusion is supported by the observation that hydraulic fractures in petroleum engineering are commonly arrested at depths of several kilometers (Valko and Economides, 1995; Yew, 1997; Economides and Nolte, 2000) . Very many fractures, such as joints and veins, tend to be restricted to single layers, particularly if the contacts between the layers are discontinuities or sites of abrupt changes in mechanical properties. Fracture restriction is also reflected in the commonly observed inverse correlation between joint frequency and layer thickness (Ladeira and Price, 1981; Nelson, 1985; Price and Cosgrove, 1990; Narr and Suppe, 1991; Wu and Pollard, 1995; Ji et al., 1998) .
In a layered crust, individual layers with different mechanical properties become differently stressed as a result of remote tension or compression, fluid excess pressure in a reservoir, or the fracture-tip stresses of propagating hydrofractures (Amadei and Stephansson, 1997; Zang and Stephansson, 2010) . For example, Haimson and Rummel (1982) measured large variations in the horizontal stresses in lava flows, and in petroleum reservoirs varying horizontal stresses are common (Engelder, 1993; Aguilera, 1995; Economides and Nolte, 2000) . These heterogeneous local stress fields associated with mechanically layered rocks control hydrofracture propagation, or arrest, respectively. Through the injection of hydrofractures, as well as through faulting, however, the stress field may be gradually homogenized so that the probability of hydrofracture arrest decreases (Gudmundsson and Brenner, 2001) . Also, host-rock alteration and diagenetic reactions such as mineral transitions, precipitation (cementation) and pressure solution and mechanical compaction may increase the stiffness of primarily soft layers, or soften primarily stiff layers, so that the stiffnesses of adjacent rock layers may gradually become more and more similar. Contacts may become sealed by similar processes so that the reservoir gradually becomes more homogeneous. Then, a multilayer that originally had contrasting properties may eventually behave mechanically as a single layer at the scale of propagating hydrofractures. The reservoir may still consist of different rock layers that can be clearly distinguished, but if the mechanical properties converge, propagating hydrofractures will not longer "feel" these differences. It is only the mechanical layering that affects hydrofracture emplacement. It follows that the conditions for hydrofracture emplacement, and thus the permeability of a reservoir, may change significantly with time.
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